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Abstract 15 

Shear attenuation provides insights into the physical and chemical state of the upper mantle. Yet, 16 

observations of attenuation are infrequent in the oceans, despite recent proliferation of arrays of 17 

ocean-bottom seismometers (OBS). Studies of attenuation in marine environments must 18 

overcome unique challenges associated with strong oceanographic noise at the seafloor and data 19 

loss during OBS recovery in addition to untangling the competing influences of elastic focusing, 20 

local site amplification, and anelastic attenuation on surface-wave amplitudes. We apply 21 

Helmholtz tomography to OBS data to simultaneously resolve array-averaged Rayleigh wave 22 

attenuation and maps of site amplification at periods of 20–150 s. The approach explicitly 23 

accounts for elastic focusing and defocusing due to lateral velocity heterogeneity using wavefield 24 

curvature. We validate the approach using realistic wavefield simulations at the NoMelt 25 

Experiment and Juan de Fuca (JdF) plate, which represent endmember open-ocean and coastline-26 

adjacent environments, respectively. Focusing corrections are successfully recovered at both 27 

OBS arrays, including at periods < 35 s at JdF where coastline effects result in strong 28 

multipathing. When applied to real data, our observations of Rayleigh wave attenuation at 29 

NoMelt and JdF revise previous estimates. At NoMelt, we observe a low attenuation lithospheric 30 

layer (𝑄𝜇>1500) overlying a highly attenuating asthenospheric layer (𝑄𝜇~50–70). At JdF, we 31 

find a broad peak in attenuation (𝑄𝜇~50–60) centered at a depth of 100–130 km. We also report 32 

strong local site amplification at the JdF Ridge (>10% at 31 s period), which can be used to 33 

refine models of crust and shallow mantle structure. 34 

Plain Language Summary 35 

Seismic tomography provides a tool for probing regions deep within the Earth that are otherwise 36 

inaccessible. The degree to which seismic waves lose energy as they travel (seismic attenuation) 37 

provides information about temperature and melt in Earth’s interior. However, seismic 38 

attenuation is notoriously difficult to measure due to complicating effects on wave amplitudes 39 

from focusing and amplification of the waves as they travel through the heterogeneous Earth. 40 

Here we introduce a tool that utilizes both amplitude and travel-time information observed across 41 

arrays of seismometers to account for these competing effects and accurately quantify seismic 42 

attenuation. We validate the approach using realistic simulations and apply it to real datasets at 43 

young (~3 Myr) and older (~70 Myr) locations in the Pacific Ocean. Our observations revise 44 

previous estimates of attenuation at the two locations, revealing high attenuation that extends 45 

deeper beneath the Juan de Fuca ridge than previously thought and high attenuation in the 46 

asthenosphere beneath the typical oceanic plate. These observations have important implications 47 

for our understanding of mantle temperature and melt content beneath the oceans. 48 

1 Introduction 49 

Shear attenuation of the upper mantle is a key parameter for quantifying the physical and 50 

chemical state of the asthenosphere. As attenuation and shear velocity respond differently to 51 

variations in temperature, melt fraction, grain size, and volatile content (Faul & Jackson, 2005; 52 

Jackson & Faul, 2010; McCarthy et al., 2011; McCarthy & Takei, 2011; Yamauchi & Takei, 53 

2016), jointly interpreting these two observables offers unprecedented constraints on upper 54 

mantle properties (Dalton & Faul, 2010; Debayle et al., 2020; Havlin et al., 2021; Priestley & 55 

McKenzie, 2013; Richards et al., 2020). In contrast to shear velocity, which is routinely 56 

constrained at local and regional scales, our understanding of upper-mantle attenuation is largely 57 

limited to global models derived from Rayleigh wave observations (e.g., Adenis et al., 2017b, 58 
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2017a; Dalton et al., 2008; Karaoğlu & Romanowicz, 2018). This is especially true of the ocean 59 

basins where station coverage is sparse compared to the continents. In global models, shear 60 

attenuation beneath the ocean basins is primarily constrained by basin-traversing Rayleigh waves 61 

with long ray paths that tend to smear structure both laterally and vertically.  62 

A primary challenge for all studies of Rayleigh wave attenuation is isolating the signal of 63 

attenuation in amplitude measurements from other effects, including source excitation, 64 

focusing/defocusing, and local site amplification. While progress has been made at longer 65 

periods at the global scale (e.g., Dalton & Ekström, 2006), the ability to robustly account for 66 

these effects at higher frequencies at regional and local scales is still a topic of active 67 

development (e.g., Forsyth & Li, 2005; F. C. Lin et al., 2012; Yang & Forsyth, 2006). Improving 68 

resolution of upper-mantle shear attenuation requires innovative seismic techniques that resolve 69 

regional-scale Rayleigh wave attenuation while accurately accounting for these additional factors 70 

that complicate wave amplitudes. 71 

New surface-wave imaging techniques have been developed in recent years owing to an 72 

abundance of high-quality broadband seismic datasets with dense and uniform station coverage, 73 

such as the USArray. These techniques make use of the spatial gradients of Rayleigh wave 74 

amplitude and phase to extract structural information from the wavefield. Perhaps the most 75 

widely used to date is Helmholtz tomography, which yields regional-scale maps of phase 76 

velocity while accounting for finite-frequency effects (Jin & Gaherty, 2015; F.-C. Lin & 77 

Ritzwoller, 2011). The approach is attractive due to its simplicity compared to alternatives such 78 

as wave gradiometry (Langston, 2007a, 2007c, 2007b; Y. Liu & Holt, 2015) and requires fewer 79 

physical assumptions about the wavefield compared to simpler techniques such as the two-plane 80 

wave (TPW) method, which approximates the wavefield as the superposition of two plane waves 81 

with varying phase and amplitude (Forsyth & Li, 2005). Furthermore, the openly available 82 

Automated Surface-Wave Measurement System (ASWMS) software package has made 83 

Helmholtz tomography widely accessible to the seismology community (Jin & Gaherty, 2015). 84 

F. C. Lin et al. (2012) recently developed an extension of Helmholtz tomography for estimating 85 

Rayleigh wave attenuation and site amplification, which has been applied to USArray data (Bao 86 

et al., 2016; Bowden et al., 2017; F. C. Lin et al., 2012). However, it is not yet clear how 87 

effectively the technique can be applied at smaller scale arrays with often less optimal array 88 

geometries. 89 

Despite recent methodological advances on land, seismic imaging in marine 90 

environments lags due to challenges associated with the relatively noisy seafloor environment 91 

and often sparse station coverage compared to terrestrial seismic deployments. This is true 92 

especially for studies of Rayleigh wave attenuation across arrays of ocean-bottom seismometers 93 

(OBS), where only a handful of observations have been made to date (e.g., Ma et al., 2020; Ruan 94 

et al., 2018; Saikia et al., 2021; Yang & Forsyth, 2006). To our knowledge, all existing regional 95 

Rayleigh wave attenuation observations made in the oceans were measured using the TPW 96 

method. While TPW provides a simple approach for measuring 1-D Rayleigh wave attenuation 97 

in the presence of weak or moderate multipathing, it may suffer in complex regions such as near 98 

the coastlines, where the wavefield may not be well approximated by two interfering plane 99 

waves. Furthermore, we are unaware of any previous reports of Rayleigh wave site amplification 100 

in the oceans, despite having sensitivity to elastic structure that complements that of phase 101 

velocity (F. C. Lin et al., 2012; Schardong et al., 2019). Helmholtz tomography offers a 102 

promising approach that can simultaneously constrain attenuation and site amplification while 103 
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accurately accounting for wavefield focusing/defocusing. However, it is unclear whether typical 104 

OBS array geometries and earthquake distributions offer the resolution needed for the technique 105 

to be successful as all previous applications have used well-behaved USArray data. 106 

In this study, we show that Helmholtz tomography can be used to reliably measure array-107 

averaged Rayleigh wave attenuation and 2-D maps of site amplification in oceanic settings, 108 

offering an alternative to the TPW method. We validate the approach using realistic wavefield 109 

simulations through 3-D elastic structure, demonstrating its ability to account for 110 

focusing/defocusing and recover attenuation and amplification. The methodology is applied at 111 

two OBS arrays representing endmember locales (open ocean and coastline adjacent) with 112 

apertures on the order of 500x500 km2. Our observations revise previous estimates of Rayleigh 113 

wave attenuation at the two locations and provide perhaps the first measurements of site 114 

amplification in an oceanic setting. We implement the approach as an add-on to the ASWMS 115 

software, offering a new tool for estimating Rayleigh wave attenuation and amplification across 116 

regional-scale arrays that has been validated by realistic synthetic seismograms. 117 

2 Data and Measurements 118 

Broadband waveform data are utilized from the NoMelt Experiment and the Juan de Fuca 119 

(JdF) portion of the Cascadia Initiative, located in the central and eastern Pacific, respectively 120 

(Figure 1). The NoMelt experiment was positioned approximately 1200 km southeast of Hawaii 121 

on unperturbed, ~70 Ma seafloor far from hotspot, ridge, or subduction influences (P.-Y. P. Lin 122 

et al., 2016; Ma et al., 2020; Mark et al., 2019; Russell et al., 2019). The experiment consisted of 123 

a reflection/refraction survey (Mark et al., 2019), a magnetotelluric deployment (Sarafian et al., 124 

2015), and a broadband OBS deployment from December 2012 to December 2013 (P.-Y. P. Lin 125 

et al., 2016; Ma et al., 2020; Mark et al., 2021; Russell et al., 2019). Here, we make use of the 16 126 

broadband OBS with an array aperture of 400x600 km2. Station depths range from 4889–5331 m 127 

below the sea surface. 128 

The Cascadia Initiative was an amphibious experiment consisting of a multi-year 129 

broadband OBS deployment spanning the JdF and Gorda plates (Bell et al., 2016; Byrnes et al., 130 

2017; Eilon & Forsyth, 2020; Hawley et al., 2016; Janiszewski et al., 2019; Ruan et al., 2018). 131 

We use data from the year 1 (23 stations; November 2011—May 2012) and year 3 (27 stations; 132 

August 2013—May 2014) deployments co-located on the JdF plate seaward of the trench. Here, 133 

water depth ranges from 2544 m to 2940 m. We avoid stations in shallow water near the 134 

continental shelf due to noisier conditions and crust and mantle structure that is complicated by 135 

subduction processes (Janiszewski et al., 2019). While the majority of the 400x400 km2 136 

deployment footprint is characterized by nascent oceanic plate (~3 Ma average seafloor age), the 137 

JdF Ridge cuts NNE-SSW across the western edge of the array (Figure 1b). 138 

The NoMelt and Juan de Fuca regions represent endmembers in terms of their seafloor 139 

age, structural complexity, and noise environment. The NoMelt experiment exemplifies an ideal 140 

OBS deployment for Rayleigh wave imaging. Its location in the center of the plate provides 141 

excellent azimuthal coverage for teleseismic Rayleigh waves, and the deep (~5000 m depth) 142 

open-ocean environment offers relatively quiet noise conditions. As most paths from source to 143 

receiver consist of largely homogeneous oceanic material, most arriving Rayleigh waves show 144 

little to no evidence of multipathing (Ma et al., 2020). In contrast, JdF represents a more 145 

challenging coastal environment. The region is characterized by shallower water depths (~2700 146 

m) with higher noise levels and has azimuthal gaps in teleseismic earthquakes to the south and 147 
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northeast. Additionally, large lateral gradients in velocity structure associated with the continent-148 

ocean transition can produce complex Rayleigh waveforms exhibiting multipathing and 149 

scattering, particularly for waves traveling parallel to the coastline (Bell et al., 2016). These 150 

differences between the two focus sites allow us to test the limitations of the imaging approach. 151 

152 
Figure 1. Maps of station locations for the (a) NoMelt experiment and (b) Juan de Fuca (JdF) 153 

component of the Cascadia Initiative. Event locations are shown at the top right of each panel. 154 

Seafloor age contours (white; labels in Myr) are from Seton et al. (2020). FZ = fracture zone 155 

We retrieve four-component (3 directional and pressure-gauge) data for earthquakes in 156 

the Global Centroid Moment Tensor (GCMT) catalogue (Ekström et al., 2012) with MW > 5.5, 157 

depths < 50 km, and epicentral distances ranging from 20º to 100º. Events with epicentral 158 

distances > 100º are avoided as they are more likely to have complicated paths (i.e., large 159 

portions that pass through continents), and Rayleigh wave phase and amplitude measurements 160 

for distances > 120º can be contaminated by major arc overtones (Hariharan et al., 2020). 161 

Although fundamental-mode Rayleigh wave excitation typically peaks at depths < 50 km, our 162 

dataset could be expanded in the future by considering deeper (primarily vertical dip-slip) 163 

earthquakes with considerable excitation below 50 km (Hariharan et al., 2022). As a rough initial 164 

quality control metric, we consider only events for which the vertical component Rayleigh wave 165 

appears at more than 5 stations with a signal-to-noise ratio (SNR) > 3 in the period band 20–80 s. 166 

In total, these criteria yielded 191 earthquakes for the NoMelt dataset and 160 earthquakes for 167 

JdF. That more events meet these criteria at NoMelt, which was deployed nearly half as long as 168 

JdF, is largely a result of the lower noise levels at those stations. 169 

2.1 Noise corrections 170 

Vertical component OBS data is often contaminated by tilt and compliance noise. 171 

Bottom-current noise typically contaminates the horizontal channels but can appear on the 172 
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vertical channel as tilt noise if the instrument is slightly rotated from vertical (Crawford & Webb, 173 

2000). Compliance noise results from long-period infragravity waves that produce pressure 174 

perturbations at the seafloor (Webb & Crawford, 1999). Both tilt and compliance noise typically 175 

dominate at periods > 80 s (depending on water depth) and therefore must be removed in order to 176 

make robust long-period surface-wave measurements. Tilt and compliance noise are removed 177 

from each vertical channel seismogram by applying the Automated Tilt and Compliance 178 

Removal (ATaCR) software package (Janiszewski et al., 2019). This tool employs the 179 

methodology developed by Crawford & Webb (2000) to estimate and remove coherent signals 180 

between the vertical and two horizontal channels and the vertical and pressure channel. 181 

2.2 Phase and amplitude measurements 182 

Rayleigh wave phase and amplitude are measured using the ASWMS software package, 183 

described in detail by Jin & Gaherty (2015). The tool employs a cross-correlation based 184 

approach to measure frequency-dependent interstation phase and group delay times and single-185 

station amplitudes, and here we summarize the procedure. Each waveform is prefiltered using a 186 

second-order Butterworth filter with corner frequencies at ±25% of the maximum and minimum 187 

frequencies of interest. After prefiltering and windowing each seismogram around the Rayleigh 188 

wave arrival using an automated procedure, cross-correlations are calculated between all station 189 

pairs within each array. Cross-correlations with a correlation coefficient <0.65 are discarded. The 190 

remaining cross-correlation functions are narrow band filtered, and a five parameter Gaussian 191 

wavelet is fit at each frequency, yielding frequency-dependent interstation phase and group 192 

travel times, 𝛿𝜏𝑖𝑗 and 𝛿𝜏𝑖𝑗
𝑔

, for each station pair (𝑖, 𝑗). Frequency-dependent amplitude 193 

measurements, 𝐴𝑖, are obtained at a single station by applying the same Gaussian wavelet fitting 194 

procedure to the autocorrelation function and taking the square root of the wavelet amplitude. 195 

This procedure is implemented in two overlapping frequency bands from 20–84 s and 73–150 s, 196 

resulting in measurements made at 15 periods between 20 and 150 s. 197 

3 Methods 198 

 This section outlines the main equations governing our approach for estimating Rayleigh 199 

wave attenuation and site amplification using observations of phase and amplitude. The 200 

methodology is implemented as an add-on to the ASWMS software (see Open Research 201 

statement). 202 

3.1 Helmholtz tomography 203 

In its most common application, Helmholtz tomography (sometimes referred to as 204 

wavefront tracking) offers a method to solve for Rayleigh wave phase velocity maps, 𝑐(𝑥, 𝑦), 205 

where 𝑥 is longitude and 𝑦 is latitude, from observations of phase delay, 𝜏(𝑥, 𝑦), and amplitude, 206 

𝐴(𝑥, 𝑦) (Jin & Gaherty, 2015; F.-C. Lin & Ritzwoller, 2011). More recently, this technique has 207 

been extended for measuring Rayleigh wave attenuation and amplification at the USArray (Bao 208 

et al., 2016; F. C. Lin et al., 2012). Here, we briefly outline the main equations that govern the 209 

approach, relying heavily on the original derivation by F. C. Lin et al. (2012).  210 

Consider a 2-D surface wave potential of the form χ(𝑥, 𝑦, 𝑡) =211 

𝐴(𝑥, 𝑦)𝛽(𝑥, 𝑦)−1 exp{𝑖𝜔(𝑡 − 𝜏(𝑥, 𝑦))}. This surface-wave potential satisfies the 2-D 212 



manuscript submitted to Journal of Geophysical Research: Solid Earth 

 

homogeneous damped wave equation (Tromp & Dahlen, 1992) and balancing the real and 213 

imaginary parts yields the following two equations, respectively: 214 

 215 

1

𝑐(𝑥, 𝑦)2
=

1

𝑐′(𝑥, 𝑦)2
−
∇2(𝐴(𝑥, 𝑦)/𝛽(𝑥, 𝑦))

𝜔2(𝐴(𝑥, 𝑦)/𝛽(𝑥, 𝑦))
 (1) 

 216 

2∇𝜏(𝑥, 𝑦) ⋅
∇𝛽(𝑥, 𝑦)

𝛽(𝑥, 𝑦)⏟            
local amplification 

gradient

−
2𝛼(𝑥, 𝑦)

𝑐(𝑥, 𝑦)⏟    
anelastic 
attenuation 

term

= 2∇𝜏(𝑥, 𝑦) ⋅
∇𝐴(𝑥, 𝑦)

𝐴(𝑥, 𝑦)⏟            
apparent amplitude 

decay

+ ∇2𝜏(𝑥, 𝑦)⏟      
focusing 
correction

⏞                    
corrected amplitude decay

 
(2) 

 217 

where 𝜔 is angular frequency, 𝑐′(𝑥, 𝑦) = |∇𝜏(𝑥, 𝑦)|−1 is apparent phase velocity, 𝑐(𝑥, 𝑦) is 218 

structural phase velocity, 𝛼(𝑥, 𝑦) is the anelastic attenuation coefficient, and 𝛽(𝑥, 𝑦) is relative 219 

local site amplification of the surface-wave potential. For brevity, we drop the dependence on 220 

position (𝑥, 𝑦) for the remainder of this manuscript. The anelastic attenuation parameter 𝛼 is 221 

related to Rayleigh wave attenuation, 𝑄−1, by 𝛼 = 𝜔/2𝐶𝑄, where 𝐶 is group velocity. Because 222 

attenuation varies more strongly than group velocity, spatial variations in 𝛼 should mostly reflect 223 

variations in 𝑄−1. Local amplification, 𝛽, is a relative measure of local amplitude and is sensitive 224 

to depth-dependent elastic structure at the receiver. Values of 𝛽 > 1 indicate wave amplification 225 

and values of 𝛽 < 1 correspond to wave deamplification. As pointed out by Bowden et al. (2017), 226 

𝛽 represents amplification of the surface-wave potential, which is not directly observable, and 227 

therefore it is not strictly equivalent to site amplification determined from more direct methods 228 

derived from amplitude ratios (e.g., Eddy & Ekström, 2014, 2020). The two quantities can be 229 

related via phase velocity through the expression 𝐴𝑅/𝐴𝑅,0 = 𝛽√𝑐/𝑐0, where 𝐴𝑅  is the Rayleigh 230 

wave amplification observed at a receiver of interest compared to a reference location 𝐴𝑅,0, and 231 

𝑐/𝑐0 is the fractional difference in phase velocity relative to the value at the reference location. 232 

Equation (1) with 𝛽 = 1 is commonly referred to as the Helmholtz equation and can be 233 

used to solve for the structural phase velocity, 𝑐, given observations of 𝜏 and 𝐴 (F.-C. Lin & 234 

Ritzwoller, 2011). The second term on the right-hand side that includes the Laplacian of the 235 

amplitude field normalized by 𝜔2 accounts for finite-frequency effects. In the high-frequency 236 

limit (i.e., ray theory), this term becomes negligible, and equation (1) reduces to the Eikonal 237 

equation (F.-C. Lin et al., 2009). For the purposes of this study, we assume 𝛽 = 1 when solving 238 

equation (1) but not when solving equation (2).  239 

Equation (2) is sometimes referred to as the transport equation and connects unknown 240 

quantities 𝛽 and 𝛼 on the left-hand side to spatial derivatives of measurable quantities 𝜏 and 𝐴 on 241 

the right-hand side. Following the nomenclature of F. C. Lin et al. (2012), the first term on the 242 

right-hand side of equation (2) is the “apparent amplitude decay” in the direction of wave 243 

propagation and the second term consisting of the Laplacian of travel time is the “focusing 244 

correction”. The entire right-hand side is referred to as the “corrected amplitude decay”. On the 245 

left-hand side, we refer to the first and second terms as the “local amplification gradient” and 246 

“anelastic attenuation term”, respectively. 247 
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Measured surface-wave amplitudes 𝐴(𝜔) include contributions from earthquake source 248 

excitation 𝐴𝑆, local receiver effects 𝐴𝑅 , elastic focusing 𝐴𝐹 , and amplitude decay due to anelastic 249 

attenuation along the ray path 𝐴𝑄 (Dalton & Ekström, 2006): 250 

 251 

𝐴(𝜔) = 𝐴𝑆(𝜔) 𝐴𝑅(𝜔) 𝐴𝐹(𝜔) 𝐴𝑄(𝜔) (3) 

 252 

Isolating the contribution from anelastic attenuation is the primary goal of all attenuation 253 

tomography, and in Section 3.2 we describe how our methodology is able to do so. The receiver 254 

term, 𝐴𝑅 , includes contributions from instrument response, tilt and compliance noise, and local 255 

site amplification. The former two contributions are removed prior to making measurements by 256 

deconvolving instrument response to displacement and subtracting tilt and compliance noise as 257 

described in Section 2.1, respectively. On the other hand, local site amplification, 𝛽, that results 258 

from energy amplification or deamplification due to elastic structure beneath the receiver, is 259 

solved for simultaneously alongside anelastic attenuation. Any imperfections in the instrument 260 

response and/or tilt and compliance removal steps at individual stations will map into site 261 

amplification and should not greatly affect attenuation measurements.  262 

Elastic focusing and defocusing, 𝐴𝐹 , describes horizontal refraction of the wavefield that 263 

occurs due to lateral gradients in wavespeed in the Earth. Focusing and defocusing is especially 264 

prevalent near the coastlines, where large velocity gradients often exist (e.g., Russell & Gaherty, 265 

2021). This behavior is reflected in the wavefield curvature and is accounted for by the focusing 266 

correction term, ∇2𝜏, in equation (2). However, the ∇2𝜏 term also includes simple geometrical 267 

spreading of the 2-D surface-wave wavefield, which results in defocusing and focusing at 268 

epicentral distances <90º and >90º, respectively, and can be expressed analytically as ∇2𝜏GS  =269 

 (𝑐𝑅 tan𝑋)−1, where 𝑋 is epicentral distance in degrees and 𝑅 is Earth’s radius, and the subscript 270 

“GS” stands for geometrical spreading (see Supplementary Information; Text S1; Figure S2). 271 

Therefore, focusing due only to structural heterogeneity along the ray path is given by 272 

 273 

∇2𝜏̃  =  ∇2𝜏 − ∇2𝜏GS (4) 

 274 

We refer to this quantity as the structural focusing correction term. As it is independent of 275 

epicentral distance, this term is informative when considering the overall focusing behavior 276 

based on data from many earthquakes (see Section 5.1). 277 

 278 

The source term, 𝐴𝑆, includes azimuthal variations in Rayleigh wave amplitude 279 

associated with the radiation pattern. Surface waves emitted near nodes in the radiation pattern 280 

should be avoided as excitation is both weak and varies rapidly with azimuth. However, this bias 281 

has only a small effect on our amplitude dataset for three main reasons. First, the governing 282 

equation (2) depends on the amplitude variation in the direction of propagation (i.e., the dot 283 

product on the right-hand side), whereas the radiation pattern introduces amplitude variations 284 

perpendicular to the propagation direction. Second, the requirement that SNR > 3 as mentioned 285 

in Section 2 implicitly removes nodal events from our dataset. Third, the relatively small 286 
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~500x500 km2 array footprint corresponds to only a small azimuthal range for a given 287 

teleseismic earthquake. Indeed, even at the larger USArray, Bao et al. (2016) found this bias to 288 

be small compared to other sources of error. We tested restricting our dataset to source excitation 289 

ratios >60% of the maximum to explicitly avoid nodes, but we observed no significant 290 

improvement (see Supplementary Figure S3), and a large portion of the dataset was lost (~50–291 

60% of events), degrading azimuthal coverage. For these reasons, we do not explicitly account 292 

for source excitation. 293 

3.2 Solving for attenuation and site amplification 294 

The local amplification gradient (first term in equation (2)) depends on propagation 295 

azimuth via the dot product with ∇𝜏, while the attenuation term containing 𝛼 is independent of 296 

azimuth. To solve for the attenuation coefficient 𝛼 and amplification 𝛽, we follow the curve-297 

fitting approach of Bao et al. (2016). The local amplification gradient term can be expanded as 298 

 299 

2|∇𝜏| |
∇𝛽

𝛽
| cos(𝜃 − 𝜓𝛽) = 2|∇𝜏| ( 𝜕𝑥(ln𝛽) sin𝜃 + 𝜕𝑦(ln𝛽) cos𝜃 ) (5) 

 300 

where 𝜃 is the azimuth of wave propagation determined by 𝜃 = tan−1(𝜕𝑥𝜏/𝜕𝑦𝜏), and shorthand 301 

is used for spatial derivatives: 𝜕𝑥 = 𝜕/𝜕𝑥, ∂𝑦 = 𝜕/𝜕𝑦. The magnitude and azimuth of the local 302 

amplification gradient are given by |
∇𝛽

𝛽
| = √𝜕𝑥(ln𝛽)2 + 𝜕𝑦(ln𝛽)2 and 𝜓𝛽 =  tan

−1 (𝜕𝑥(ln𝛽)/303 

𝜕𝑦(ln𝛽)), respectively. Substituting equation (5) into equation (2), replacing |∇𝜏| with 1/𝑐′, and 304 

multiplying both sides by −𝑐/2 yields the simplified expression: 305 

 306 

𝛼 − 𝛾 ( 𝜕𝑥(ln𝛽) sin𝜃 + 𝜕𝑦(ln𝛽) cos𝜃 ) = −
𝑐

2
(2∇𝜏 ⋅

∇𝐴

𝐴
+ ∇2𝜏)

⏟              
apparent attenuation

 
(6) 

 307 

where 𝑐 is estimated from equation (1) using ASWMS (Jin & Gaherty, 2015) and 𝛾 = 𝑐/𝑐′ 308 

describes biases due to finite-frequency effects. When finite-frequency effects are small (i.e., 309 

∇2𝐴/𝜔2𝐴 ≈  0), structural phase velocity and apparent phase velocity are similar in value and 310 

𝛾 ≈ 1, as assumed by previous authors (Bao et al., 2016; Bowden et al., 2017; F. C. Lin et al., 311 

2012). However, we find that 𝛾-1 can exceed ±10% (i.e., 𝛾 < 0.9 or 𝛾 > 1.1), particularly at the 312 

longest periods (>130 s). The right-hand side of equation (6) is referred to as the “apparent 313 

attenuation” and is a measured quantity for each earthquake in our dataset. The left-hand side of 314 

equation (6) contains the desired structural parameters—attenuation and site amplification—315 

common to all events. To solve for attenuation and amplification, the observations on the right-316 

hand side are fit to a sinusoidal curve as a function of azimuth; the static offset of the sinusoid 317 

relates to 𝛼, while the amplitude and phase of the azimuthally varying part are related to 𝛽 318 

(Figure 2). 319 
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 320 

Figure 2. Schematic illustration of equation 6 for constraining amplification gradient and 321 

attenuation. (a) Map of amplification smoothly increasing to the east. Colored arrows show 322 

direction of wave propagation for four scenarios indicated by circles in c). The black box 323 

represents the region of analysis. (b) Idealized 1-D attenuation map. (c) Apparent attenuation as a 324 

function of azimuth that would be measured within the black boxed region using data from many 325 

different earthquakes. Each gray dot represents one measurement (with noise, for illustration) for 326 

a single earthquake and pixel in the black boxed region. The dark gray curve shows the 327 

sinusoidal fit from the left-hand side of equation 6, and the red dashed line indicates the 328 

corresponding attenuation estimate. The large colored circles correspond to each of the cardinal 329 

directions of propagation in a). 330 

Maps of apparent attenuation are estimated on an evenly spaced grid with pixel 331 

dimensions 0.5º×0.5º. We use 𝛾 as an additional quality control parameter, removing pixels for a 332 

given event in which 𝛾 < 0.9 or 𝛾 > 1.1 in order to ensure that only the highest quality 333 

measurements are considered. For our dataset, this threshold is exceeded only at the very longest 334 

periods for a small fraction of pixels. For example, only ~8% of pixels are discarded at 130 s 335 

period and ~18% are removed at 150 s period. We also discard pixels for a given event with a 336 

measured propagation azimuth > 10º from the great-circle path.  337 

Least-squares inversion of equation (6) yields log amplification gradients, 𝜕𝑥(ln𝛽) and 338 

𝜕𝑦(ln𝛽), and attenuation coefficient, 𝛼, at a given pixel. In practice, it is rare that a single pixel 339 

provides a sufficient number of measurements to robustly resolve attenuation and site 340 

amplification, and  therefore, data from nearby pixels can be grouped together to increase the 341 

number of measurements available for inversion. This results in maps that are inherently 342 

smoothed by a length proportional to the grouped region. In other words, there is a tradeoff 343 

between map robustness (grouping more pixels) and sharpness of lateral variations (grouping 344 

fewer pixels). To ensure smooth, well constrained maps, we adopt a binning approach whereby 345 

data within 1.5º of a central pixel are gathered and binned within 20º non-overlapping azimuthal 346 
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bins. The inverse standard deviation of measurements within each azimuthal bin is used to 347 

weight the least squares inversion. This procedure is repeated across the study region, producing 348 

smoothed 2-D maps of 𝜕𝑥(ln𝛽), 𝜕𝑦(ln𝛽), and 𝛼. In practice, we do not interpret 2-D variations 349 

in attenuation due to the small array geometries and uneven azimuthal coverage, and instead, we 350 

solve for an array-averaged 𝛼 by gathering measurements from all pixels within the array and 351 

performing a single inversion. 352 

The resulting maps of 𝜕𝑥(ln 𝛽) and 𝜕𝑦(ln𝛽) are used to invert for ln𝛽 via the centered 2-353 

D finite-difference formula. The approximate derivatives of log amplification at pixel (𝑥0, 𝑦0) 354 

are given by 355 

 356 

𝜕𝑥(ln𝛽)|(𝑥0,𝑦0) =
ln 𝛽(𝑥0+1,𝑦0) − ln 𝛽(𝑥0−1,𝑦0)

2Δ𝑥
 (7) 

  

𝜕𝑦(ln𝛽)|(𝑥0,𝑦0)
=
ln 𝛽(𝑥0,𝑦0+1) − ln 𝛽(𝑥0,𝑦0−1)

2Δ𝑦
 (8) 

 357 

where Δ𝑥 and Δ𝑦 is the grid spacing in the 𝑥 and 𝑦 directions. The least-squares inversion is 358 

unable to recover absolute amplification, and instead, we solve for the relative amplification by 359 

requiring that the mean of all (ln 𝛽) values within the study region is zero. This is equivalent to 360 

ensuring that the average 𝛽 is equal to one. Additional smoothing is imposed on ln 𝛽 maps by 361 

requiring small second spatial derivatives, ∇2(ln𝛽) ≈ 0. 362 

3.3 Constructing the gradient and Laplacian fields 363 

The gradient and Laplacian fields of amplitude and phase travel time are required to 364 

construct the apparent attenuation term and solve equation (6) for the attenuation coefficient and 365 

local site amplification. One approach for estimating these fields for a given earthquake is to first 366 

fit smooth surfaces to absolute phase and amplitude measurements recorded at individual stations 367 

and then calculate the spatial gradients of these surfaces using finite-difference operators 368 

(Chevrot & Lehujeur, 2022; F.-C. Lin et al., 2009; F.-C. Lin & Ritzwoller, 2011). Removal of 369 

outliers is an important step prior to the surface fitting procedure to avoid anomalies in the 370 

surface that can amplify upon differentiation. This point is especially crucial for the Laplacian, 371 

which requires twice differentiation. Various fitting and regularization approaches have been 372 

used such as minimum curvature surface fitting (Bao et al., 2016; F.-C. Lin et al., 2009; F.-C. 373 

Lin & Ritzwoller, 2011), smoothing splines, and splines in tension (Chevrot & Lehujeur, 2022). 374 

Each approach aims to regularize the interpolation procedure such that gradients are well 375 

behaved. While minimum curvature smoothing may be acceptable for Eikonal tomography 376 

(Chevrot & Lehujeur, 2022), this form of regularization tends to suppress the Laplacian fields 377 

required for Helmholtz tomography, limiting one’s ability to account for finite-frequency (∇2𝐴) 378 

and focusing/defocusing (∇2𝜏) effects.  379 

We adopt an alternative approach for dealing with these challenges; our main philosophy 380 

is to avoid applying direct numerical differentiation when possible. We adopt the ray 381 

tomography method of Jin & Gaherty (2015), which uses the many interstation travel-time 382 
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measurements that were determined by cross-correlation to construct the phase slowness vector 383 

field, ∇𝜏, directly. Below, we show how this can also be extended to the amplitude field to solve 384 

for ∇𝐴/𝐴. This approach is attractive for several reasons.  First, it does not require fitting a 385 

surface to single-station observations, but instead makes use of many more interstation 386 

observations derived from cross-correlations and therefore should be less susceptible to noise 387 

from any individual measurement. Second, the gradient field is solved for directly meaning that 388 

its character (smoothness, curvature) can be easily controlled via constraint equations within the 389 

inversion. Third, only one derivative is needed to calculate the Laplacian field, versus two when 390 

surface-fitting is applied to single-station travel-time or amplitude measurements. Finally, formal 391 

uncertainties from the inversion procedure are propagated through each step to ensure the best 392 

quality measurements are being fit in equation (6) (see Supplementary Text S1 for error 393 

propagation equations). We find that this ray-tomography approach more reliably recovers input 394 

synthetic attenuation values compared to the surface fitting procedure in some cases (Figure S5). 395 

The differential phase travel time between two stations 𝑖 and 𝑗, 𝛿𝜏𝑖𝑗, is expressed as the 396 

path integral of the travel-time gradient (or phase slowness) along the great-circle path 397 

connecting the stations. In practice, this equation is discretized, and we solve separately for the 𝑥 398 

and 𝑦 components of the travel-time gradient: 399 

 400 

𝛿𝜏𝑖𝑗 = ∫ ∇𝜏 ⋅ 𝑑𝑟
𝑗

𝑖

≈∑𝜕𝑥𝜏𝑘 ⋅ 𝑑𝑥𝑘 + 𝜕𝑦𝜏𝑘 ⋅ 𝑑𝑦𝑘

𝑗

𝑘=𝑖

 (9) 

 401 

where 𝑑𝑥𝑘 is the path length through the 𝑘th cell projected onto the 𝑥-direction with an 402 

equivalent definition for 𝑑𝑦𝑘. After solving for the 𝑥 and 𝑦 components of the travel-time 403 

gradient, apparent phase velocity maps are calculated from 𝑐′ = [(𝜕𝑥𝜏)
2 + (𝜕𝑦𝜏)

2]
−1/2

, and the 404 

focusing corrections are given by ∇2𝜏 = 𝜕𝑥(𝜕𝑥𝜏) + 𝜕𝑦(𝜕𝑦𝜏). We perform an analogous 405 

inversion of group travel-times, 𝛿𝜏𝑖𝑗
𝑔

, for maps of group velocity 𝐶, allowing for the estimation 406 

of Rayleigh wave attenuation via 𝑄−1 = 2𝐶𝛼/𝜔. 407 

The inverse problem for the 𝑥 and 𝑦 components of the gradient field is solved using a 408 

least-squares approach with a second derivative smoothing (i.e., minimum curvature) constraint 409 

(Jin & Gaherty, 2015). The smoothing operator is rotated to the local radial and transverse 410 

directions at each grid cell (assuming great-circle propagation from the earthquake) and a 411 

solution is found that minimizes the following penalty function: 412 

 413 

𝐸 =∑|𝛿𝜏𝑖𝑗 −∫ ∇𝜏 ⋅ 𝑑𝑟
𝑗

𝑖

|

2

+
𝜀𝜆

Δ
∑{|∇2(𝜕𝑅𝜏)|

2 + |∇2(𝜕𝑇𝜏)|
2} (10) 

 414 

where 𝜕𝑅𝜏 and 𝜕𝑇𝜏 are the phase slowness parallel and perpendicular to the great-circle path, 415 

respectively. The first sum is over all inter-station travel times, and the second sum is over all 416 

grid cells. To impose frequency-dependent smoothing, we weight the smoothing constraint by 417 
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the ratio of approximate wavelength-to-grid spacing, 𝜆/Δ. The global smoothing parameter, 𝜀, is 418 

used to balance the relative importance of data fit and model roughness, and we choose a 419 

moderate value of 0.1. For our chosen grid spacing of 0.5º×0.5º, this results in overall smoothing 420 

weights that range from 0.14 at a period of 20s to 1.1 at 150 s. 421 

Because we solve for the gradient field directly, the second derivative smoothing 422 

constraint in equation (10) is equivalent to minimizing the third spatial derivative of travel time, 423 

∇3𝜏. This requires that the Laplacian field of travel time smoothly varies. While this may limit 424 

our ability to resolve sharp gradients in the focusing term, ∇2𝜏, it provides a robust solution 425 

given the finite set of unevenly distributed observations. We choose not to apply a first derivative 426 

smoothing constraint in the inversion as this would enforce propagation along a great-circle arc, 427 

resulting in a focusing correction term that perfectly captures the effects of geometrical 428 

spreading, ∇2𝜏GS, but does not account for elastic focusing and defocusing due to lateral velocity 429 

gradients. 430 

We use an analogous approach to solve for the normalized amplitude gradient field ∇𝐴/𝐴 431 

found in equation (6). Because our amplitude measurements are single-station values, we first 432 

form the log amplitude difference between a pair of stations, 𝛿ln 𝐴𝑖𝑗 = ln𝐴𝑖 − ln𝐴𝑗, and then 433 

relate it to the 𝑥 and 𝑦 components of the gradient field using  434 

 435 

𝛿ln𝐴𝑖𝑗 = ∫
∇𝐴

𝐴
⋅ 𝑑𝑟

𝑗

𝑖

≈∑
𝜕𝑥𝐴𝑘
𝐴𝑘

⋅ 𝑑𝑥𝑘 +
𝜕𝑦𝐴𝑘
𝐴𝑘

⋅ 𝑑𝑦𝑘

𝑗

𝑘=𝑖

 (11) 

 436 

This expression is inverted via least squares by minimizing the penalty function analogous to 437 

equation (10). With maps of (𝜕𝑥𝐴/𝐴 , 𝜕𝑦𝐴/𝐴) and (𝜕𝑥𝜏 , 𝜕𝑦𝜏) for each earthquake, we calculate 438 

the amplitude gradient along the direction of propagation, ∇𝜏 ⋅ ∇𝐴/𝐴, and construct the apparent 439 

attenuation term (i.e., the right-hand side of equation (6)) and solve for 𝛼 and 𝛽 following 440 

Section 3.2. 441 

4 Synthetic Wavefield Simulations 442 

Here, we describe realistic wavefield simulations that are used, in Section 5, to evaluate 443 

how well attenuation and local site amplification can be recovered from typical OBS array 444 

geometries. While the Helmholtz technique has been successfully applied at the USArray for 445 

measuring Rayleigh wave attenuation and site amplification (Bao et al., 2016; F. C. Lin et al., 446 

2012), the technique has not yet been applied at an OBS array. In contrast to USArray’s uniform 447 

~70 km station spacing, a typical OBS experiment comprises a smaller footprint with often 448 

uneven station coverage due to chosen experiment geometry and/or data loss, making it more 449 

difficult to accurately recover the gradient and Laplacian fields. Experiments near the continental 450 

shelf, such as JdF, represent an especially challenging setting as strong focusing and 451 

amplification are expected to occur due to the abrupt velocity contrast at the ocean-continent 452 

transition. Additionally, conditions on the seafloor are often noisier than on land, affecting the 453 

quality of travel-time and amplitude measurements. Each of these factors contributes to 454 

difficulties associated with measuring intrinsic Rayleigh wave attenuation in the ocean basins. 455 

To test some of these limitations and validate the approach, we apply the methodology outlined 456 
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in Section 3 to a realistic synthetic dataset comprising the real station and event geometry. This 457 

also provides an opportunity to compare the Helmholtz approach with the two-plane-wave 458 

approach (Forsyth & Li, 2005; Yang & Forsyth, 2006), which has been used to measure 459 

attenuation at several OBS arrays (e.g., Ruan et al., 2018; Yang & Forsyth, 2006), in a self-460 

consistent manner. 461 

We generate synthetic seismograms for all of the same events and stations used in the 462 

real dataset for both the NoMelt and JdF experiments using the SPECFEM3D GLOBE software 463 

(Komatitsch & Tromp, 2002b, 2002a). This includes simulations for 160 earthquakes for JdF and 464 

191 at NoMelt. The 3-D elastic model used for the simulations consists of CRUST2.0 (Bassin et 465 

al., 2000) overlying the mantle model S362ANI (Kustowski et al., 2008), and attenuation is 466 

specified by 1-D model QL6 (Durek & Ekström, 1996). Hereafter, we refer to the full 3-D model 467 

as S362ANI+CRUST2.0. The mesh is constructed such that 832 spectral elements lie along the 468 

circumference of the Earth, resulting in an average spectral element width of ~48 km and a 469 

minimum resolved period of ~20 s.  470 

The synthetic seismograms include realistic effects on Rayleigh wave phase and 471 

amplitude caused by wavefield focusing, defocusing, and scattering due to 3-D elastic 472 

heterogeneity, intrinsic attenuation, local site amplification, finite-frequency effects, and 473 

overtone interference. In addition to calculating seismograms at the true station locations, we 474 

also sample the wavefield on an evenly spaced 0.5ºx0.5º grid over a broader region centered on 475 

each array (black points in Figure 3). This idealized geometry should allow us to more accurately 476 

recover the true gradient and Laplacian fields, providing a benchmark for assessing how well 477 

those fields are estimated using the true station geometries. The procedures used to measure 478 

phase and amplitude and invert for gradient and Laplacian fields for the synthetic dataset are 479 

identical to those used for the real data. 480 

NoMelt and JdF represent endmember locations in terms of structural complexity. Figure 481 

3 shows phase velocity maps at 31 s and 84 s period for S362ANI+CRUST2.0, which were 482 

calculated by sampling 1-D profiles from the 3-D model at 1º intervals and applying MINEOS to 483 

calculate Rayleigh wave dispersion. The maps have been corrected for the effect of physical 484 

dispersion using a reference frequency of 1 Hz (H. Liu et al., 1976). Although the wavefield 485 

simulations are performed on a fully 3-D model, these phase velocity maps are a useful 486 

representation of the structure sampled by Rayleigh waves of a certain period. There is a clear 487 

contrast between NoMelt and JdF, particularly at 31 s period, for which phase velocities vary by 488 

more than ±2% at JdF but are typically <0.5% at NoMelt. We note that slow velocities associated 489 

with the JdF Ridge (e.g., Bell et al., 2016) are absent from the coarse 3-D model. Regardless, the 490 

sharp velocity contrast associated with the continent-ocean transition still allows us to test the 491 

limitations of the methodology. 492 

In order to avoid confusion, we define terminology to clearly distinguish between 493 

quantities derived from the real dataset and those derived from the synthetic simulations. 494 

Hereafter, we refer to the synthetic waveforms and measurements derived from them as 495 

“synthetics” and the real observations as the “data”. In addition, “measurements” are any 496 

quantities estimated from Helmholtz tomography (i.e., equations 1–11) and can apply to data or 497 

synthetics, and “predictions” refer to synthetic calculations of a given quantity from the 498 

S362ANI+CRUST2.0 model (i.e., using MINEOS). These predictions are useful because they 499 

represent the target for recovery in our synthetic tests. By comparing the synthetic measurements 500 
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to these predictions, we can explore limitations of the methodology related to station coverage 501 

and/or wavefield complexities. 502 

 503 

Figure 3. Predicted synthetic Rayleigh wave phase velocity maps for 3-D global mantle model 504 

S362ANI (Kustowski et al., 2008) combined with CRUST2.0 (Bassin et al., 2000) at (a,c) 31 s 505 

and (b,d) 84 s period. Maps are predicted by sampling 1-D profiles every 1º from the 3-D model 506 

and calculating dispersion using MINEOS. (left) NoMelt and (right) JdF station geometries are 507 

indicated by black triangles. The finely spaced (0.5º×0.5º) black points show the locations at 508 

which the SPECFEM3D GLOBE synthetic wavefield was sampled for idealized synthetic testing 509 

in Figure 4a–c; this sampling interval is approximately equal to one spectral element and 510 

corresponds to the grid spacing used in the ray tomographic inversion for the gradient fields. 511 

Colors range from -2% to +2% about the mean velocity. Maps are corrected for physical 512 

dispersion using the 1-D model QL6 (Durek & Ekström, 1996) and a reference frequency of 1 513 

Hz. 514 

5 Results 515 

In the following sections, we present the results of applying equation (6) to both 516 

synthetics and real data at NoMelt and JdF. Synthetics are treated identically to the data 517 
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throughout the analysis. First, we demonstrate the ability to faithfully recover the focusing 518 

correction term (𝛁𝟐𝝉) and compare this term for the two study sites (Section 5.1). We then 519 

present maps of site amplification (𝜷) for both data and synthetic at both locations and 520 

demonstrate that the measured synthetic maps match theoretical predictions (Section 5.2). Array-521 

averaged estimates of attenuation (𝜶) are then presented for both data and synthetic, and 522 

comparisons are made with the TPW technique (Section 5.3). Finally, we invert array-averaged 523 

attenuation for 1-D profiles of shear attenuation (𝑸𝝁
−𝟏) at NoMelt and JdF and compare our 524 

results with previous studies (Section 5.4). 525 

5.1 Focusing corrections 526 

Figure 4 shows example maps of apparent amplitude decay, focusing correction, and 527 

corrected amplitude decay for a Mw 6.4 earthquake originating at the southern East Pacific Rise 528 

and propagating north-northwest across the JdF array. The propagation direction approximately 529 

parallels the coastline, representing an extreme case of focusing and defocusing that manifests as 530 

strong NW-SE banding that is parallel to the direction of wave propagation in the amplitude 531 

decay maps (Figure 4a,d,g). Three main observations can be made: First, the focusing effects are 532 

significant and greatly impact the amplitude decay field (Figure 4a–c). Second, the true station 533 

geometry is sufficient for resolving the focusing correction term and, in turn, the corrected 534 

amplitude decay field (Figure 4d–f). Third, the data show a similar overall behavior to the 535 

synthetic measurements, indicating that even in the noisy seafloor environment focusing effects 536 

can be observed and corrected for (Figure 4g–i). 537 

The amplitude decay (Figure 4a,d,g) and focusing correction terms (Figure 4b,e,h) 538 

display similar patterns that are opposite in sign such that the coastline-parallel banding is 539 

significantly reduced when added together to form the corrected amplitude decay map (Figure 540 

4c,f,i). For this event, the sign of the strongest focusing correction is positive (blue) indicating 541 

defocusing of the wavefield. In other words, wave amplitudes in the blue regions of Figure 4b,e,h 542 

decay more strongly than dictated by intrinsic attenuation, and thus, failing to correct for 543 

defocusing would result in attenuation estimates that are biased high at those pixels for this 544 

event. In contrast, the region of strong amplitude decay (red) near the coastline in Figure 4a is 545 

not removed by the focusing correction and therefore is likely related to site deamplification at 546 

the coastline. The slightly positive regions at the edges of the corrected amplitude decay maps 547 

(Figure 4f,i) are likely artifacts due to edge effects in the gradient and/or Laplacian estimates. 548 

Because we consider many events from various azimuths, such edge effects do not strongly bias 549 

estimates of attenuation or site amplification. 550 



manuscript submitted to Journal of Geophysical Research: Solid Earth 

 

 551 

Figure 4. Demonstration of the 55 s period focusing/defocusing correction at JdF for a Mw 6.4 552 

strike-slip earthquake that occurred at the southern East Pacific Rise on May 12, 2014 553 

(13:58:21.5 GMT). Measured maps of (a) apparent amplitude decay, (b) focusing correction, and 554 

(c) corrected amplitude decay estimated from SPECFEM3D GLOBE synthetics for idealized 555 

station spacing of 0.5º×0.5º. Black points indicate station/sampling locations from Figure 3. The 556 

purple arrow shows the direction of wave propagation. (d–f) Same as a–c but measured from 557 

SPECFEM3D GLOBE synthetics sampled at the true OBS locations. (g–i) Same as d–f but 558 

measured from the real data. Note the larger range of values in g–i. 559 

The resemblance between the synthetic and observed focusing corrections in Figure 4 is 560 

remarkable given the high noise levels typically associated with OBS data and suggests that the 561 

velocity structure of S362ANI+CRUST2.0 between this particular source on the East Pacific 562 

Rise and JdF receivers (see Supplementary Figure S1) resembles the true structure at 55 s period. 563 
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However, the maximum amplitude of the focusing corrections for the real data is larger by a 564 

factor of ~5, likely due to the global model being smooth, which reduces the overall amplitude of 565 

focusing and defocusing. We note that the synthetic and real gradient fields compare less 566 

favorably for propagation paths that are oriented more perpendicular to the coastline (not shown) 567 

as the presence of the JdF Ridge has a strong influence on the real dataset but is not well 568 

resolved by the long-wavelength S362ANI+CRUST2.0 structure. 569 

We further explore the focusing corrections by investigating their distribution for all 570 

events in our catalogue at both NoMelt and JdF (Figure 5), after removing the effects of 571 

geometrical spreading via equation (4). As discussed in Section 3.1, the resulting structural 572 

focusing correction (∇2𝜏̃) should reflect focusing/defocusing due to lateral variations in 573 

wavespeed along the ray path, both prior to the Rayleigh wave entering the array as well as 574 

within the array footprint. We speculate that structural variations along the ray path prior to the 575 

Rayleigh wave entering the OBS array should more strongly influence the overall 576 

focusing/defocusing behavior (e.g., width of the distribution) because the OBS array footprint is 577 

relatively small (only ~5º compared to tens of degrees of propagation between earthquake source 578 

and the edge of the array). However, strong local velocity gradients within, or nearby, the array 579 

will influence the finer details of the focusing patterns (e.g., skew of the distribution).  580 

Overall, we observe that the distributions of focusing corrections at NoMelt are narrow, 581 

strongly peaked around zero, and relatively symmetric for both data and synthetic, while at JdF 582 

they are more broadly distributed indicating stronger focusing/defocusing. This is consistent with 583 

more complicated source-receiver paths and waves that interact with the coastline at JdF as well 584 

as the stronger velocity gradients present in the JdF region compared to NoMelt (Figure 3). In 585 

detail, the distribution of focusing correction terms at 31 s period is skewed from zero at JdF, and 586 

this skew in the real data (Figure 5d) occurs in the opposite sense from the skew in the synthetic 587 

measurements (Figure 5a). A negative skew in the data indicates a tendency for the wavefield to 588 

be focused upon entering the array, while a positive skew in the synthetics indicates defocusing.  589 

The local velocity structure at JdF is likely one factor that contributes to the different 590 

sense of skew for the focusing corrections measured from data and synthetics. Figure 5f shows 591 

the phase velocity map estimated from equation (1) using our dense OBS observations, while 592 

Figure 5c shows phase velocity predicted for S362ANI+CRUST2.0 using MINEOS. Perhaps 593 

unsurprisingly, phase velocity measured from the real OBS data provides sharper constraints on 594 

the low velocity JdF Ridge than does S362ANI, which was developed using basin-traversing 595 

surface waves and body waves recorded at land stations (Kustowski et al., 2008). The presence 596 

of the low-velocity JdF Ridge (< 3.7 km/s at 31 s period) along the western edge of the array, 597 

together with the strongly biased event distribution (Figure 5g) with most events arriving from 598 

the west, has a measurable impact on the focusing correction terms. Waves entering the array 599 

from the west in the real Earth are preferentially focused by the slow velocities along the JdF 600 

Ridge, while waves from those same events in the synthetic model are defocused by the fast 601 

oceanic plate velocities to the west. Again, the focusing corrections for the real data are 4–5 602 

times larger than for the synthetics, likely due to the smoothness of the synthetic model. 603 

Regardless of the absence of the JdF Ridge in the synthetic model, the abrupt velocity contrast 604 

associated with the ocean-continent transition still offers a useful scenario for testing the 605 

limitations of Helmholtz tomography in the presence of strong elastic focusing. 606 
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 607 

Figure 5. Distribution of structural focusing corrections, ∇2𝜏̃, at NoMelt (blue) and JdF (red) at 608 

(a) 31 s and (b) 84 s period measured from the synthetics using the true station geometries (left) 609 

and measurements from the real data (right). The effect of geometrical spreading has been 610 

removed via equation (4), and therefore wave focusing (negative values) and defocusing 611 

(positive values) are due to lateral variations in wavespeed along the propagation path. Vertical 612 

dashed lines show the median values of the distributions. (c) Synthetic phase velocity map at 31 613 

s period, predicted using MINEOS as in Figure 3. (d–f) Same as a–c but for the real data. The 614 

measured phase velocity map in f) was produced by solving equation (1) and stacking over all 615 

events following Jin & Gaherty (2015). (g) Distribution of earthquake back azimuths at JdF, 616 

indicating most events originate from the west. Focusing behavior for data and synthetic is 617 

similar overall, except for at JdF at 31 s period, where the skew in correction terms for the real 618 

data indicates preferential focusing. This difference arises from the slow velocities along the 619 

western edge of the array associated with the JdF Ridge (f) — replaced by fast velocities in the 620 

synthetic model (c) — which focuses waves arriving from the west. Note the factor of 5 larger 621 

horizontal axis range in d,e compared to a,b. 622 
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5.2 Local site amplification 623 

Before estimating local amplification from real data, we first use the synthetic travel time 624 

and amplitude measurements to explore how well it can be recovered (Figures 6,7) using the 625 

realistic event and OBS array geometries. Amplification is estimated from the azimuthal 626 

variation of apparent attenuation (e.g., Figure 2; Figure 6a, Figure 7a) via equation (6). The 627 

minimum of the sinusoid corresponds to the azimuth of maximum Rayleigh wave amplification, 628 

𝛽 > 1 (likewise, the peak of the sinusoid indicates the azimuth of maximum deamplification, 𝛽 < 629 

1). For example, Figure 7a shows a minimum at ~60º for the synthetic JdF dataset, which 630 

indicates that waves traveling northeast across the array are preferentially amplified. This is 631 

reflected in the maps of 𝛽 (Figure 7b).  In this case, failing to account for amplification would 632 

result in an apparent 𝛼 < 0 for observations at this propagation azimuth (i.e., wave amplitudes 633 

increase with propagation distance). This demonstrates the importance of considering Rayleigh 634 

wave amplification and attenuation together as well as the need for decent azimuthal coverage, 635 

which is discussed further in Section 6.1. 636 

We compare the amplification measured from synthetics to amplification predicted for 637 

the 3-D model S362ANI+CRUST2.0, which we consider ground truth, at a desired pixel and 638 

frequency from the following expressions (F. C. Lin et al., 2012) 639 

 640 

𝛽(𝑥, 𝑦, 𝜔) = (
𝑐𝐶𝐼

𝑐𝐶𝐼̅̅̅̅̅
)
−
1
2
 (12) 

 641 

𝐼 =
1

𝑈(𝑎)2
∫ 𝜌(𝑟)(𝑈(𝑟)2 + 𝑉(𝑟)2)𝑟2
𝑎

0

𝑑𝑟 (13) 

 642 

where 𝑐𝐶𝐼̅̅̅̅̅ is the average value within the array, therefore ensuring the mean of the predicted 𝛽 643 

maps equals one as prescribed by the inversion (see section 3.2), and 𝑈 and 𝑉 are the vertical and 644 

horizontal displacement eigenfunctions at position (𝑥, 𝑦), respectively. The integral is carried out 645 

from Earth’s center to the seafloor at radius 𝑎. 646 

Relative amplification (𝛽) is recovered successfully from the synthetics at both NoMelt 647 

(Figure 6) and JdF (Figure 7) at periods of 31 s and 84 s using the real station geometries and 648 

event distributions. The correlation coefficient between measured and predicted values at both 649 

locations is > 0.95, except for at NoMelt at 31 s period (R = 0.788; Figure 6d) for which 650 

amplification and deamplification are weak (< 0.5%). Measured and predicted 𝛽 maps at both 651 

locations are roughly anti-correlated with the phase velocity maps shown in Figure 3, as 652 

expected (F. C. Lin et al., 2012). Regions of amplification and deamplification tend to 653 

correspond to slow and fast phase velocities, respectively, at least to first order. Amplification at 654 

NoMelt varies by <1% due to the relatively modest velocity variations in S362ANI+CRUST2.0 655 

at this location, whereas JdF shows variations of up to 5–7% amplification at 31 s period due to 656 

the strong low velocities on the eastern edge of the array associated with the transition to 657 

continental crust. 658 
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The highest predicted values of 31 s amplification at JdF of ~1.07 are slightly 659 

underestimated by the synthetic measurements at ~1.05 (Figure 7d). This may be due to the 660 

strongest amplification in the northeast being located at the edge of the map where fewer data are 661 

available for binning within the surrounding 1.5º radius for the inversion. On the other hand, 662 

strong deamplification values (𝛽 < 1) at the southwest edge of the map are very well recovered. 663 

Another possibility is that a slight tradeoff exists between 𝛽 and 𝛼 due to the uneven azimuthal 664 

coverage (Figure 5g). Although our 20º azimuthal binning procedure should lessen such biases, 665 

azimuthal gaps inevitably exist for any given pixel in the map. 666 

 667 

Figure 6. Synthetic recovery test of site amplification, 𝛽, at NoMelt. (a) Measurements of array-668 

averaged apparent attenuation (i.e., right-hand side of equation (6)) at 31 s period for all events 669 

and pixels. Blue diamonds and error bars show the mean and standard deviation of points within 670 

20º azimuthal bins, and the best fitting 1-D sinusoid is shown in black. The red dashed line 671 

indicates the estimate of array-averaged anelastic attenuation, 𝛼. To estimate lateral variations in 672 

amplification, we apply this same fitting procedure pixel-by-pixel (see Section 3.2 for details). 673 

(b) Measured amplification maps via equations (7–8), where black vectors show the log 674 

amplification gradient at each pixel obtained by binning measurements within a 1.5º radius and 675 

performing fitting as in a). (c) Amplification predicted from the 3-D synthetic model 676 

S362ANI+CRUST2.0 using equations (12–13). (d) Comparison of measured and predicted 677 

amplification with correlation coefficient shown at the top left. (e–h) Same as a–d but for 84 s 678 

period. Both measured and predicted amplification maps are normalized such that the average 679 

within the array equals 1. Values of 𝛽 > 1 correspond to amplification and 𝛽 < 1 correspond to 680 

deamplification. 681 
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 682 

Figure 7. Synthetic recovery test of site amplification, 𝛽, at JdF. See Figure 6 caption for details. 683 

Figure 8 shows apparent attenuation and local amplification measured from the real data. 684 

The real observations reveal similar first order variations in 𝛽 as the synthetic measurements and 685 

predictions at NoMelt and JdF with overall weak amplification/deamplification at NoMelt 686 

(Figure 8a,b) and stronger values at JdF (Figure 8c,d). The observed amplification variations at 687 

NoMelt are less spatially coherent at the two periods of interest, likely because the magnitudes of 688 

amplification and deamplification variations at NoMelt are small (< 1%); indeed, the synthetic 689 

recovery tests demonstrate that weaker amplification variations are more difficult to resolve 690 

(Figure 6d). In contrast, 𝛽 maps at JdF show strong variations in amplification (> 10% at 31 s 691 

period) that are spatially coherent at both periods of interest and correlate reasonably well with 692 

the low-velocity JdF Ridge (Figure 5f). These are among the first amplification maps observed in 693 

an oceanic setting and can be used together with complementary observations of Rayleigh wave 694 

phase velocity to better constrain shear and compressional velocities and density (e.g., Bowden 695 

et al., 2017; F. C. Lin et al., 2012), a future research direction discussed further in Section 6.3. 696 

5.3 Array-averaged Rayleigh wave attenuation 697 

Before estimating Rayleigh wave attenuation from real data, we first use the synthetic 698 

measurements to explore how well it can be recovered (Figure 9) using the realistic event and 699 

OBS array geometries. In general, we successfully recover the input 1-D Rayleigh wave 700 

attenuation at both NoMelt and JdF. To obtain these array-averaged estimates of attenuation at 701 

each period, we group together all apparent attenuation measurements for the whole study area 702 

(i.e., all events and pixels) and use our curve-fitting approach to solve for a single value of 𝛼 703 

(and ∇𝛽/𝛽). Our implicit assumption that a single value of ∇𝛽/𝛽 at each period can sufficiently 704 

represent the true variation in the maps in Figures 6 and 7 is reasonable given that 𝛽 tends to 705 

vary smoothly (and simply) across our small study regions such that its gradient is relatively 706 

constant across the region. Violation of this assumption should result in more scatter around the 707 
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true 𝛼 value, leading to larger 𝛼 uncertainties, but should not significantly bias the array-708 

averaged 𝛼 estimate.  709 

 710 

Figure 8. Amplification maps observed from the real datasets. (a) Apparent attenuation 711 

measurements (right-hand side of equation (6)) and (b) local amplification maps at NoMelt at 31 712 

s and 84 s period. (c,d) Same as a,b but for JdF. Symbols as in Figures 6 & 7. Amplification 713 

maps are normalized by the array-averaged value. Note the difference in the vertical axes in a) 714 

and c). 715 

Uncertainties in the recovered 𝛼 values are generally smaller at NoMelt than JdF likely 716 

owing to the weaker focusing and defocusing effects (Figure 5), weaker amplification variations 717 

(Figure 6), and better azimuthal coverage (Figure 1). Uncertainties at JdF are especially large for 718 

periods < 30–40 s likely due to the assumption of 1-D ∇𝛽/𝛽 not being completely valid at these 719 

periods as indicated by amplification gradients that tend to increase to the northeast (black 720 

arrows in Figure 7b). It is also possible that the strong focusing and defocusing at these periods is 721 

not perfectly accounted for, even for these noise-free synthetic tests, due to the complex focusing 722 

patterns and difficulties resolving ∇2𝜏 with sparse station coverage. Unaccounted for scattering 723 

attenuation due to the abrupt velocity changes at the coastline may also contribute to these larger 724 

uncertainties. We note that average attenuation is slightly underestimated at JdF at periods of 60–725 

80 s using the true station coverage, but it is well estimated at these periods using the idealized 726 

0.5º station geometry (blue symbols in Figure 9), which suggests that the slight underestimate is 727 

related to a lack of station coverage. Nevertheless, Figure 9 shows that the input attenuation 728 

values are well recovered (to within uncertainty) at all periods from 20–150 s at both locations. 729 

Attenuation recovered from the synthetics using the true station geometry (red symbols in 730 

Figure 9) agrees with values recovered from the synthetics using the idealized 0.5º grid (blue 731 

symbols), albeit with larger uncertainties. The smaller uncertainties across all periods for the 732 

idealized station geometry likely reflect its ability to better recover the true focusing and 733 

defocusing corrections. However, for periods <35 s at JdF, uncertainties are larger relative to 734 

other periods also for the idealized geometry. This is consistent with the idealized geometry 735 
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encompassing a broad area (even larger than the true geometry) for which the assumption of 1-D 736 

∇𝛽/𝛽 is not strictly valid, particularly at these shorter periods. In addition, we cannot rule out 737 

that focusing correction terms are not perfectly resolved and could perhaps be improved with 738 

finer station spacing (< 0.5º) and/or a weaker second-derivative smoothing constraint. 739 

 740 

Figure 9. Recovery of synthetic 1-D attenuation coefficient, 𝛼, at (a) NoMelt and (b) JdF for 741 

periods of 20–150 s. The predicted (target) attenuation values of QL6 (Durek & Ekström, 1996) 742 

are shown in black. Red symbols show Helmholtz measurements that utilize the true station 743 

geometry at each array. For comparison, the Helmholtz measurements for the idealized 0.5º×0.5º 744 

station spacing are shown in blue, and green symbols show measurements from the two-plane 745 

wave (TPW) inversion utilizing the phase and amplitude dataset for the true station geometry. 746 

The upward pointing black arrows at 20 s and 31 s indicate TPW measurements that plot beyond 747 

the vertical axis bounds (𝛼 ~ 26.9×10-4 km-1 and 4.9×10-4 km-1, respectively). 748 
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We compare our Helmholtz results with those of the TPW inversion (Forsyth & Li, 2005; 749 

Yang & Forsyth, 2006) applied to the same synthetic phase and amplitude dataset using the true 750 

station geometry (green symbols in Figure 9). Because the datasets are identical, differences 751 

between the TPW and Helmholtz results are entirely due to differences in the theoretical 752 

treatments of phase and amplitude. We find excellent agreement between Helmholtz and TPW at 753 

all periods at NoMelt and at periods > 40 s at JdF, where focusing and defocusing are relatively 754 

weak (Figure 5). For these scenarios, the wavefield can be sufficiently approximated by two 755 

interfering plane waves. However, at JdF large differences appear at periods < 35 s, where TPW 756 

is unable to recover the true 1-D attenuation within uncertainty. This breakdown of the TPW 757 

technique indicates that the complex wavefield focusing and defocusing near the coastline in the 758 

S362ANI+CRUST2.0 model cannot be sufficiently described by the interference of two plane 759 

waves. 760 

The 1-D attenuation coefficients measured from the real datasets are presented in Figure 761 

10 for NoMelt (blue) and JdF (red). Attenuation is higher at JdF than NoMelt for periods < 70 s, 762 

whereas the opposite is true for periods > 90 s. To first order, our new observations at the two 763 

regions compare favorably with previous measurements using the TPW technique (lighter 764 

colored symbols in Figure 10), but important differences exist. Our observations show higher 765 

attenuation at all periods at NoMelt and slightly lower attenuation on average at most periods at 766 

JdF. Attenuation at NoMelt is slightly higher than PREM values at all periods > 30 s, whereas 767 

JdF shows much higher attenuation than PREM at periods < 80 s and comparable attenuation at 768 

periods > 80 s. Attenuation from global model QRFSI12 (Dalton et al., 2008; Dalton & Ekström, 769 

2006) sampled within the NoMelt and JdF regions is roughly consistent with our new 770 

measurements at > 50 s period, but we find bigger differences in attenuation between the two 771 

regions than QRFSI12. 772 

  773 
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 774 

Figure 10. Measured 1-D attenuation coefficients for periods ranging from 20–150 s for NoMelt 775 

(blue) and JdF (red). For comparison, TPW-derived measurements from two previous studies are 776 

shown for NoMelt (Ma et al., 2020) and JdF (Ruan et al., 2018). 1-D global models QL6 (Durek 777 

& Ekström, 1996) and PREM (Dziewonski & Anderson, 1981) are shown in gray. Dotted lines 778 

show attenuation from the 3-D global model QRFSI12 (Dalton et al., 2008) estimated at the 779 

center of each deployment location using MINEOS. Error bars represent 2𝜎 uncertainty. 780 

5.4 Shear attenuation profiles 781 

We invert our new Helmholtz measurements of Rayleigh wave attenuation for profiles of 782 

upper mantle shear attenuation at NoMelt and JdF (Figure 11). Frequency-dependent Rayleigh 783 

wave attenuation, 𝑄−1(𝜔), is related to shear attenuation, 𝑄𝜇
−1(𝑟), and bulk attenuation, 𝑄𝜅

−1(𝑟), 784 

as a function of radius 𝑟 through the expression (Dziewonski & Anderson, 1981) 785 

 786 

𝑄−1(𝜔) = ∫ [ 𝜇(𝑟)𝐾𝜇(𝜔, 𝑟) 𝑄𝜇
−1(𝑟) + 𝜅(𝑟)𝐾𝜅(𝜔, 𝑟) 𝑄𝜅

−1(𝑟) ]𝑑𝑟
𝑎

0

 (14) 

 787 

where 𝜇 and 𝜅 are the shear and bulk moduli, respectively, and 𝐾𝜇 and 𝐾𝜅 are the Fréchet kernels 788 

describing sensitivity of Rayleigh waves to changes in 𝜇 and 𝜅, respectively. Since both upper-789 

mantle bulk attenuation and the sensitivity of Rayleigh waves to it are much smaller than is the 790 

case for shear attenuation, we fix 𝑄𝜅
−1 to PREM values (Dziewonski & Anderson, 1981). We 791 
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perform a regularized least-squares inversion of equation (14) for 𝑄𝜇
−1 in the depth range 0–250 792 

km with norm damping and second derivative smoothing, using MINEOS to calculate the 793 

sensitivity kernels (see Supplementary Figure S4). The sensitivity kernels primarily depend on 794 

the shear velocity structure, and therefore we first invert average phase velocity dispersion data 795 

for a smooth 1-D shear velocity profile at each location. We then invert for 𝑄𝜇
−1 using the two-796 

layer NoMelt attenuation model of Ma et al. (2020) as the starting model for both NoMelt and 797 

JdF, adjusting the water depth accordingly, but do not find a strong dependence on assumed 798 

starting attenuation model. Crustal 𝑄𝜇  is held fixed at 1400. Model uncertainties are estimated 799 

through a bootstrap resampling approach in which the attenuation data are randomly perturbed 800 

within their uncertainty bounds and reinverted. This is repeated 500 times producing an 801 

ensemble of models, and the 1𝜎 uncertainties are estimated from the middle 68% of the 802 

ensemble. 803 

The resulting 1-D models of shear attenuation and their fit to the data are shown in Figure 804 

11. Shear attenuation at NoMelt is characterized by a low attenuation lithospheric layer (𝑄𝜇  > 805 

1500) overlying a high attenuation asthenospheric layer (𝑄𝜇  ~ 50–70) with a transition between 806 

the two occurring from ~50–100 km depth. At JdF, we observe a broad peak in attenuation (𝑄𝜇  ~ 807 

50–60) centered at a depth of 100–130 km, bounded above and below by low attenuation regions 808 

(𝑄𝜇  > 200). In both cases, uncertainties increase with depth due to the larger uncertainties at 809 

longer periods. 810 

6 Discussion 811 

6.1 Advantages and limitations of Helmholtz tomography 812 

We demonstrate that Helmholtz tomography can recover 1-D Rayleigh wave attenuation 813 

and 2-D maps of site amplification using typical OBS array geometries, even in the presence of 814 

strong elastic focusing and defocusing due to coastline effects. The power of the approach lies in 815 

its ability to account for complex patterns of elastic focusing without imposing strict physical 816 

assumptions about the nature of wavefield interference. Rather, the focusing behavior is directly 817 

observed and accounted for via ∇2𝜏. In contrast, the TPW approach imposes a physical limitation 818 

on wavefield complexity. This approximation is sufficient in many settings, such as structurally 819 

homogeneous regions of the ocean basins far away from continents, like NoMelt, but it may 820 

break down in more complex areas such as JdF, where the coastline has a large influence on 821 

multipathing behavior at periods < 35 s (Figure 9b). On the other hand, an important limitation 822 

of Helmholtz tomography is that it requires decent station coverage in two dimensions in order to 823 

accurately resolve the gradient and Laplacian fields in equation (6). Sharp lateral variations in 824 

these fields are challenging to resolve given the smooth regularization scheme used (equation 10) 825 

and/or limitations in station coverage. In situations where station coverage is lacking, the TPW 826 

approach may be advantageous as the assumption of two interfering plane waves provides a solid 827 

physical basis for extrapolating wavefield behavior across data-poor regions. 828 
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 829 

Figure 11. (a) Inversion for 1-D shear attenuation profiles at NoMelt (blue) and JdF (red). The 830 

solid lines and shaded regions show the median and 68% confidence interval, respectively, from 831 

bootstrap resampling. (b) Model fit to our data (filled circles with 1𝜎 error bars). Previous 1-D 832 

shear attenuation models and predictions for NoMelt (Ma et al., 2020) and JdF (Ruan et al., 833 

2018) are shown by dashed lines. Dotted lines show attenuation profiles from global model 834 

QRFSI12 (Dalton et al., 2008) extracted from the approximate deployment locations. 835 

Helmholtz tomography is able to simultaneously account for both attenuation and site 836 

amplification via the mean and azimuthal variation of apparent amplitude decay, respectively. 837 

Accounting for local site amplification when estimating attenuation is especially important if 838 

amplification variations are strong and/or azimuthal gaps exist in the dataset. Both sources of 839 

bias can be understood by considering the synthetic JdF dataset as an example (Figure 7a,e). 840 

Apparent attenuation varies strongly with azimuth, especially at 31 s, and thus a dataset 841 

dominated by waves that propagate to the northeast at 60º azimuth would lead to attenuation 842 

estimates at JdF that are biased low (negative even), whereas the opposite would be true of a 843 

dataset dominated by waves propagating to the southwest at 240º. Such biases will increase with 844 

the magnitude of amplification variations (compare Figure 7a and 7e). Therefore, a decent 845 

azimuthal distribution of teleseismic earthquakes is necessary to prevent tradeoffs between 846 

attenuation and site amplification, especially if amplification variations are strong. 847 

In this study, we focus on characterizing the average Rayleigh wave attenuation within 848 

small seismic arrays. Solving for 2-D maps of Rayleigh wave attenuation is desirable but 849 

challenging due to the issues outlined above, such as limited station coverage and potential 850 

tradeoffs due to uneven azimuthal distribution of earthquakes. Indeed, previous studies that 851 

utilized data from the USArray encountered challenges resolving detailed 2-D attenuation maps 852 

(F. C. Lin et al., 2012) and required both masking and spatial smoothing up to ~3º radius (Bao et 853 
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al., 2016). Such smoothing would effectively smear away any lateral variation within a typical 854 

OBS array on the order of ~500x500 km2. We therefore focus on 1-D array-average estimates of 855 

attenuation. As OBS arrays are typically small, 1-D attenuation is useful for characterizing OBS 856 

deployment regions. Although we focus here on applications at smaller scale OBS arrays, the 857 

methodology can be extended to similarly sized arrays in continental settings. For larger arrays 858 

such as the USArray, one could estimate 1-D attenuation within “subarrays” representing regions 859 

that are expected to contain little lateral heterogeneity. Additional synthetic testing using realistic 860 

wave propagation through laterally varying 3-D anelastic media is required to evaluate the ability 861 

to reliably resolve lateral variations in Rayleigh wave attenuation within larger arrays. 862 

6.2 Comparison to previous attenuation studies 863 

While our new observations of shear attenuation at NoMelt and JdF broadly resemble 864 

previous observations, important differences do exist. The approximate two-layer structure that 865 

we observe at NoMelt with a transition from low to high attenuation at 50–100 km depth is 866 

consistent with the two-layer model of Ma et al. (2020) with the lithosphere-asthenosphere 867 

boundary at 70 km depth; however, in the earlier study the asthenospheric layer shows lower 868 

attenuation (𝑄𝜇  ~ 110) than we find here (𝑄𝜇  ~ 50–70), which underpredicts our Rayleigh wave 869 

attenuation observations at periods > 25 s (blue dashed line in Figure 11b). Compared to the 870 

NoMelt region in global model QRFSI12 (Dalton et al., 2008), our NoMelt model is slightly less 871 

attenuating from 50–150 km and is slightly more attenuating from 200–250 km. However, the 872 

general agreement is exceptional given the broad sensitivities associated with global modeling 873 

compared to our local estimates. 874 

The high attenuation peak at 100–130 km depth that we observe at JdF resembles that of 875 

Ruan et al. (2018), but the attenuation peak in their model is both shallower (50–100 km) and 876 

stronger (𝑄𝜇  ~ 46), overpredicting our attenuation observations for periods < 60 s (red dashed 877 

line in Figure 11b). The deeper high attenuation region in our model is more consistent with 878 

body-wave observations that imply a low viscosity melt column extending to ~150 km below the 879 

JdF Ridge (Eilon & Abers, 2017). The low attenuation region at >200 km depth in our model 880 

(𝑄𝜇  > 200) appears less attenuating than Ruan et al. (2018) at first glance, but values are 881 

consistent to within uncertainty (see their Figure 2c). Our observations agree well with QRFSI12 882 

at depths of 50–150 km, but we observe lower attenuation from 200–250 km. 883 

Differences between our estimates of 𝑄𝜇  at NoMelt and JdF and previous observations 884 

are primarily related to inconsistencies in the Rayleigh wave attenuation measurements (Figure 885 

10), rather than in the inversion procedure. This point is demonstrated by the large misfit 886 

between previous model predictions of Rayleigh wave attenuation and our observations in Figure 887 

11b. As the previous attenuation measurements of Ruan et al. (2018) and Ma et al. (2020) were 888 

made using the TPW method, a key question is whether these differences can be attributed to our 889 

use of Helmholtz tomography or whether they arise from the raw amplitude and/or phase 890 

measurements themselves. Our synthetic tests show that Helmholtz and TPW yield similar 891 

attenuation measurements (at periods >35 s, where focusing corrections are smaller), when 892 

applied to the same amplitude and phase dataset (Figure 9). A similar result is found using the 893 

real data: Helmholtz and TPW attenuation measurements agree to within uncertainty when 894 

applied to the same amplitude and phase dataset (pink symbols in Supplementary Figure S3). 895 

This suggests, albeit indirectly, that differences in our revised attenuation estimates arise from 896 

differences in the raw single-station amplitude measurements and/or event distribution and not 897 
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the chosen theoretical framework used to interpret these amplitudes in terms of attenuation (i.e., 898 

Helmholtz versus TPW). We use the cross-correlation based ASWMS tool of Jin & Gaherty 899 

(2015) to measure station amplitude and differential phase, while previous TPW studies used a 900 

single-station Fourier transform (FT) based method (Forsyth & Li, 2005) to measure amplitude 901 

and phase. Both techniques involve time windowing and narrow-band filtering of the waveform, 902 

but windowing in ASWMS is performed automatically based on broadband Rayleigh wave 903 

energy (narrow-band filtering occurs after cross-correlation), whereas for the FT method, 904 

narrow-band filters are applied before windowing and user input is required to manually select 905 

the edges of each window. Given these differences, it is difficult to determine at what stage in 906 

the measurement procedures the amplitude measurements might diverge. We emphasize that 907 

phase velocity measurements using ASWMS and FT are equivalent to within uncertainty (see 908 

Figure 4a in Ma et al., 2020), indicating that phase is consistent between the two measurement 909 

techniques.  910 

Both the Helmholtz and TPW methods applied to ASWMS amplitude and phase 911 

measurements are able to recover the true attenuation (and amplification) values from realistic 912 

SPECFEM3D GLOBE synthetic seismograms, providing confidence in our revised attenuation 913 

estimates at JdF and NoMelt. An advantage of our study is that we treat the JdF and NoMelt 914 

datasets identically throughout both the measurement and inversion procedures, and therefore, 915 

differences in attenuation observed between the two locations are driven strictly by the data and 916 

not by ad hoc choices made within the analysis. In a future study, we will interpret these updated 917 

profiles of 𝑄𝜇  alongside profiles of shear velocity to quantify temperature, melt fraction, and 918 

grain size in the oceanic asthenosphere. 919 

6.3 Site amplification: A new observable in the oceans 920 

Our observations of local site amplification, 𝛽, at JdF and NoMelt are among the first of 921 

their kind in an oceanic setting. Only a handful of previous studies have measured Rayleigh 922 

wave amplification at periods > 20 s (Bao et al., 2016; Bowden et al., 2017; Eddy & Ekström, 923 

2014, 2020; F. C. Lin et al., 2012), and these studies all used data from the USArray. One study 924 

that we are aware of has inverted Rayleigh wave amplification measurements for shear velocity 925 

structure, and this too was carried out in the western U.S. (Schardong et al., 2019). The 926 

sensitivities of Rayleigh wave amplification to shear velocity (𝑉𝑆), compressional velocity (𝑉𝑃), 927 

and density (𝜌) are complementary to that of phase velocity and may be used to refine models of 928 

3-D Earth structure (Bowden et al., 2017; F. C. Lin et al., 2012; Schardong et al., 2019). 929 

Amplification displays opposite sensitivities to shear and compressional velocities at shallow 930 

depths, implying that 𝑉𝑃/𝑉𝑆 may be especially well resolved by amplification measurements (F. 931 

C. Lin et al., 2012). In contrast to phase and group velocity, the amplification sensitivity kernels 932 

for 𝑉𝑆 have multiple zero-crossings and therefore should better resolve sharp gradients in shear 933 

velocity with depth (Babikoff, 2022; Dalton & Babikoff, 2021; F. C. Lin et al., 2012). 934 

Our synthetic recovery tests (Figures 6 & 7) and application to the real datasets (Figure 8) 935 

demonstrate that amplification can be measured at typical OBS array geometries using 936 

Helmholtz tomography. Strong amplification observed along the JdF Ridge approximately 937 

coincides with slow phase velocities (Figure 5f), indicating that they can be inverted together to 938 

refine shallow Earth structure. In particular, improved shallow estimates of 𝑉𝑃/𝑉𝑆 at the JdF 939 

Ridge could shed light on the organization of melt and crustal accretion processes as well as 940 

shallow cracks and hydrothermal circulation (Kim et al., 2019; Lee et al., 2017; Takei, 2002). 941 
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We reemphasize that 𝛽 is a relative quantity with mean value equal to one within the array, and 942 

thus, an inversion of amplification for structural parameters 𝑉𝑆, 𝑉𝑃, and 𝜌 must also preserve the 943 

array average. Joint inversion of amplification and phase velocity maps for crust and mantle 944 

properties at JdF will be the topic of a future study. 945 

7 Conclusions 946 

This manuscript demonstrates the first application of Helmholtz attenuation tomography 947 

in an oceanic setting, yielding new measurements of Rayleigh wave attenuation and local site 948 

amplification at 20–150 s period at the NoMelt and JdF regions. Using realistic simulations of 949 

wave propagation through 3-D elastic structure, we show that the technique faithfully accounts 950 

for wavefield focusing and defocusing, including in extreme scenarios associated with coastline 951 

effects. The focusing and defocusing corrections measured using the real dataset are qualitatively 952 

similar to the synthetics but are larger in amplitude, likely due to the smooth global model used 953 

to generate the synthetic dataset. The methodology has been implemented as an add-on to the 954 

ASWMS software package (Jin & Gaherty, 2015; see Open Research statement), offering a new 955 

tool for estimating Rayleigh wave attenuation and amplification across regional-scale arrays that 956 

has been validated using realistic synthetic seismograms. Although our focus is on applications 957 

at smaller scale OBS arrays (~500x500 km2), the technique can be extended to comparable 958 

datasets on land. 959 

Both 1-D attenuation and 2-D site amplification are successfully recovered in the 960 

synthetic tests at NoMelt and JdF, indicating that the array geometries and earthquake 961 

distributions are sufficient for resolving tradeoffs between attenuation and site amplification. 962 

When applied to the real data, our measurements of Rayleigh wave attenuation at NoMelt and 963 

JdF revise previous estimates derived using the TPW method. Our preliminary inversions of 964 

Rayleigh wave attenuation for 1-D profiles of shear attenuation, 𝑄𝜇 , reveal significantly higher 965 

attenuation in the asthenosphere at NoMelt and a deeper high-attenuation region at JdF compared 966 

to previous studies. Maps of site amplification at JdF show high amplification (> 10% at 31 s 967 

period) along the low-velocity JdF Ridge, providing a new observable that can be inverted 968 

alongside phase velocity to improve models of shallow subsurface structure at the mid-ocean 969 

ridge. 970 
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